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Abstract 

Oxygen isotope compositions (
18

O) of biogenic and inorganically precipitated calcium 

carbonate minerals are being used to reveal marine and terrestrial temperatures from the past. 

However, experimental and natural observations show factors other than temperature control 


18

O in CaCO3 via disequilibrium fractionation. Crystallization rate is among these factors, and 

therefore, its effect on fractionation process has been studied during the last 30 years. 

However, most previous experimental assessments measured 
18

O in polycrystalline 

precipitates using bulk analytical techniques and defined growth rate as the total amount of 

CaCO3 crystallized during the period of time. Because of this, inter- and intra-crystal isotopic 

variability has remained poorly constrained. In order to evaluate the effect of crystal extension 

rate (V) on 
18

O fractionation between aragonite and fluid an alternative analytical approach 

was used. Hemispherical bundles of aragonite crystals (spherulites) were measured for 
18

O in 

situ with Secondary Ion Mass Spectrometry (SIMS) at lateral spatial resolution of 10-20 µm. 

The change in V over time was monitored by addition of multiple rare earth element (REE) 

spikes into the fluid from which the aragonite grew. 
18

O in fluid were analyzed with stable 

isotope ratio mass spectrometer. Results show a decrease in the oxygen isotope fractionation 

factor (α
18

O) by 2.4 ‰ with increasing growth rate of aragonite spherulites from 0.064 to 0.88 
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nm/s (5.5-76 µm/day). Crystal growth rate is therefore potentially an important consideration 

when using 
18

O
 
in natural carbonates as a proxy for ocean and terrestrial climate. Growth 

Entrapment Model (GEM) was applied to explain experimentally determined α
18

O-V 

relationships, assuming lattice-fluid equilibrium α
18

O values (0% of growth entrapment) at 

slow growth rates and complete disequilibrium fractionation (100% of growth entrapment) 

during fast crystallization. Although V values obtained experimentally do not fully cover the V 

range used in GEM, the combination of experiment and simulations suggest depletion of 
18

O in 

the near-surface region of aragonite relative to the bulk crystal lattice. This 
18

O-depleted zone 

can be “captured” during rapid (non-equilibrium) crystal growth. 

 

Keywords:  
Aragonite 
Oxygen isotopes 
Isotopic fractionation factor 
Growth rate 
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Disequilibrium 

Introduction 

The oxygen isotope composition in biogenic and abiogenic calcium carbonate minerals was 

proven to be a powerful tool in paleoclimatology (Urey 1947; Epstein et al. 1953; Broecker 

1986; Labeyrie et al. 1987; Lea et al. 2000; etc.). However, there are certain complications in 


18

O-based temperature reconstruction. Among them is the presence of isotopic heterogeneity 

up to 5 ‰ in deep sea corals presumably grown at near-constant environmental conditions 

(Adkins et al. 2003; Rollion-Bard et al. 2010). In addition, calculated and observed 10
3
·lnα

18
O-

temperature relationships provide inconsistency of up to 3 ‰, which results in the temperature 

offsets as large as 13°C (Grossman and Ku 1986; Patterson et al. 1993; Thorrold et al. 1997; 

Zheng 1999; Boehm et al. 2000; Kim et al. 2007). Furthermore, kinetic isotopic fractionation 
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was observed between inorganically precipitated aragonites and fluid at 25°C (Zhou and Zheng 

2003; Kim et al. 2006). Zhou and Zheng (2003) observed 10
3
·lnα

18
O vary from 27.35 to 28.51 

‰. Additionally, 10
3
·lnα

18
O decreases from 29.2 to 28.8 ‰ with increasing of aragonite 

precipitation rate at constant pH of 8.2 (Kim et al. 2006).  

Growth entrapment model (GEM) was applied to experimental data.  GEM developed by 

Watson and co-workers (Watson and Liang 1995; Watson 1996; Watson 2004) was 

successfully applied for quantitative description of experimental data on element partitioning 

and isotopic fractionation from the works of Lorens (1981), Tesoriero and Pankow (1996), 

Stoll et al. (2002), Tang et al. (2008 a,b), and Gabitov et al. (2008). GEM describes 

disequilibrium fractionation of elements and isotopes between a crystal and its growth medium 

as a consequence of the “capture” of a chemically and isotopically anomalous near-surface 

region of the lattice during crystal growth. In this model, the extent of fractionation is 

determined in part by the parameter F, which is the equilibrium partition coefficient (or 

fractionation factor) between the near-surface and the deeper lattice (whose value is unknown 

a priori). X-ray reflectivity and computer simulation data showed this few angstroms thick 

near-surface region of calcite is structurally relaxed relative to the normal lattice (Fenter et al. 

2000; Rohl et al. 2003). Another consideration in GEM is solid state diffusion in the near-

surface region of calcite (Ds) is much faster than in the crystal lattice (Dl) in analog with 

diffusion along the surfaces of grain boundaries. Indeed, the work of Stipp et al. (1992) 

suggested that Ds of Cd in calcite is many orders of magnitude faster than Dl. Watson and co-

workers consider that composition of growing crystal depends on V and Ds: a 100% 

entrapment of the surface composition at high V, when Ds is ineffective; an equilibrium 

fractionation (0% entrapment) when Ds dominates over V. At intermediate growth rates, partial 
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growth entrapment happens. Ab initio molecular dynamics simulations of Ti
4+

 in the near-

surface region of quartz confirmed the validity of GEM (Lanzillo et al., in review). They 

quantitatively demonstrated that Ti
4+

 vacancy-formation energy in the outermost monolayers 

of α quartz is significantly smaller that in the bulk lattice. The fast Ti diffusivity in the near 

surface region of quartz was confirmed by additional findings of their work where the 

activation energy for Ti diffusion decreases steeply toward the crystal surface in the 2-3 

outermost monolayers. GEM is not the only possible explanation for non-equilibrium uptake of 

isotopes. DePaolo (2011) attributes the phenomenon entirely to surface reaction kinetics that 

depend on isotope identity.  Contrary to GEM, this model considers reaction in the liquid layer 

at the calcite/fluid interface. The key parameters in DePaolo (2011) model are net precipitation 

rate Rp and backward reaction rate Rb. The equilibrium isotopic fractionation is approached 

when Rp/Rb<<1. This criterion is somewhat similar to growth Péclet number (Pe=V·l/DS) 

used in GEM, where l is half-thickness of the enriched surface layer of the crystal. Both 

models can explain the disequilibrium element partitioning and isotopic fractionation data of 

Lorens (1981), Tesoriero and Pankow (1996), Gabitov and Watson (2006), and Tang et al. 

(2008a,b) through kinetics of ion attachment to the mineral surface (DePaolo 2011; Nielsen et 

al. 2012) and through growth entrapment (Watson 2004). However, the DePaolo model does 

not consider the well-established fact that the atomic structure of calcite and other minerals 

differs from that of the bulk lattice to distances of ~1 nm from the surface (e.g., Fenter 2000).  

 

Experimental and analytical methods 

Aragonite precipitation 
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Experiments were performed in the Department of Earth and Space Sciences at UCLA. The 

aragonite growth method was adapted from previous studies (Gruzensky 1967; Paquette and 

Reeder 1995) and modified by addition of Mg into fluid and introduction of sub-sampling and 

multiple REE spikes (Gabitov et al. 2008 and 2012). Crystals grew by diffusion of CO2 into 

Ca-bearing fluid at room temperature of 24.2±0.8°C.  Pyrex beaker was filled with 1 liter of 

solution and placed into 0.3x0.3x1 m
3
 closed plastic box where air was enriched in CO2 by 

decomposition of ammonium carbonate. Petri dish with diameter of 15 cm was placed into a 

box to increase humidity and decrease the evaporation of experimental fluid. Temperature of 

solution was measured four times per day and no correlation between day and night were 

observed. The aragonite crystallization was promoted by elevation of Mg/Ca in fluid (similar 

to Mg/Ca in seawater), which suppressed calcite nucleation (Berner 1966; De Groot and 

Duyvis 1966; Möller and Parekh 1975; Mucci and Morse 1983; Davis et al. 2000). The initial 

solution was prepared by dissolving NH4Cl in deionized (DI) H2O to the concentration of 0.5 

mol/l, along with minor amounts of reagent grade CaCl22H2O (0.01), MgCl26H2O (0.05), 

SrCl26H2O (10
-4

), BaCl22H2O (410
-7

), LiOHH2O (510
-4

), H3BO3 (510
-3

), and U ICP-MS 

standard (210
-7

) [values in parentheses are concentrations in mol/l].  The pH of the solution 

was adjusted to 5.94 by addition of reagent grade NaOH. Aragonite precipitated as needle-like 

crystals with a thickness of a few microns, radiating from a central point to form bundles of 

generally hemispherical shape. Hereafter these bundles are referred to as spherulites. Aragonite 

continuously nucleated at the surface of the solution and on the inner walls of the container. 

The onset of nucleation was not determined directly, but was estimated from the time interval 

between two visual observations as 13 hours prior to addition of Sm. The fluid was not stirred 

during aragonite precipitation; however, the solutions were mixed after addition of each REE 



AC
C

EP
TE

D
 M

AN
U

SC
R

IP
T

ACCEPTED MANUSCRIPT

 6 

spike by repeated injection and withdrawal of fluid using a 60-ml syringe. REE spikes (Sm, La, 

Nd, and Tb) were sequentially introduced into the growth medium in the amount of 1 ml of 

diluted REE-bearing solution, which yielded an estimated REE concentration range in the 

solution from 10 to 50 ppb. Rare-earth elements are compatible in aragonite (Akagi et al. 2004; 

Wyndham et al. 2004); thus their injection into the growth solutions provided a useful time 

markers in the crystals. The first REE spike (Sm) was introduced into solution as soon as the 

first aragonites became visible with the naked eye. The fluids were sampled periodically for 

measurement of pH, and stored in a refrigerator for future use.  The pH (NBS-scale) was 

measured immediately after collection of the fluid using an OAKTON pH 510 meter with "All-

in-One" pH/Temp electrode calibrated with 7.00 and 10.00 pH (Fig. 1a).  pH drifted from 

8.270.09 to 8.620.02 during aragonite precipitation (Fig. 1b and Table 1). At the end of the 

run, aragonite spherulites were recovered with a spatula and quickly rinsed with DI H2O and 

methanol.  

Synthetic fluids and aragonite were analyzed for 
18

O with Finnigan gas-source (GS) 

isotope ratio mass spectrometers Delta S and MAT 252 respectively in the Environmental 

Isotope Laboratory at the University of Arizona.  Precision was 0.08 ‰ on the basis of 

repeated internal standards.  

In situ analyses of aragonite 

Sample preparation  

The largest aragonite spherulites were mounted in epoxy (EpoxiCure®, Buehler) such that the 

flat side of the hemi-spherulite was exposed for SIMS analysis. The mounts were polished and 

the crystals were examined with CAMECA ims 1270 ion microprobe at UCLA, first for 

oxygen isotopes (analytical sessions 1and 2) and subsequently for Ca and REE (session-3). 
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Reflected and transmitted light microscopy images of the polish section are shown on the 

Figure 2. Here reflected light image contained burn marks where 
18

O data have been collected 

in the edges and the center of the aragonite spherulite (Figure 2a). Transmitted light image 

shows spherulites are formed by aragonite needles growing radial from the centers on 

nucleation (Figure 2b). This observation is consistent with those of Holcomb et al. (2009), 

where two types of morphology were observed in synthetic aragonites: sub-micron size 

granular aragonite in the center and blade-like fibrous crystals growing outward.  


18

O analyses by SIMS 

Aragonite spherulites were examined with a 0.2 nA primary beam with a lateral dimension of 

10-15 µm at the sample surface (session 1). Negative secondary ions 
16

O and 
18

O were 

simultaneously measured by Faraday Cup (FC, C) and electron multiplier (EM, H2) using 

multi-collection set-up for a mass resolving power (MRP) of ~2000, which is sufficient for 

resolving hydride interference with the 
18

O peak (Fayek et al. 2002). FC background and EM 

dead time corrections were performed for each measurement. Raw intensity of the minor 

isotope varied from 1.410
5
 to 1.610

5
 counts per second (cps). An additional analytical session 

(no. 2) was devoted to the same spherulites using 3-5 nA Cs
+
 primary beam with a lateral 

dimension of 20-30 µm at the sample surface (see Gabitov et al. 2012 for more details). 
16

O 

and 
18

O were measured simultaneously by Faraday Cups (FC) using multi-collection detectors 

L’2 and H’2.  No isotopic fractionation was observed by rotating sample mount by 90°. The 

raw intensity of the minor isotope varied from 710
6
 to 10

7
 cps. The total sputtering time prior 

to acquisition was 120 s, which was sufficient to reach a steady 
18

O/
16

O value over the 12 

cycles of the analysis on a single spot in both analytical sessions. 10 spot analyses of calcium 

carbonate reference materials (calcites and aragonite) yielded standard deviation of 0.2-0.3 ‰. 
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Standard was analyzed routinely after every 5-8 measurements of the aragonite sample. In 

order to quantify SIMS data intensity ratios of 
18

O/
16

O were standardized internally to the 

reference 
18

O/
16

O obtained from the bulk GS isotopic analyses (see Appendix-1 for details). 

Aragonite spherulites were characterized with SIMS spot profiles (traverses) from one edge 

to another. Imaging with an interference microscope (PHASE SHIFT MicroXAM Surface 

Mapping Microscope Crystal) revealed slight relief on the sample surfaces in the sense that the 

spherulite edge was elevated 0.2-03 µm above the spherulite center. The same relief was noted 

on the standard grains of similar size and no correlation in 
18

O with the distance from the 

edges of standard grains was observed. Therefore, measured 
18

O was not affected by sub-

micron grain relief. The depths of the craters produced by Cs
+
 beam were 1.5 and 4 µm in both 

sample and standard materials at primary beam intensities used in the analytical sessions 1 (0.2 

nA) and 2 (3-5 nA) respectively. In between the first and second analytical sessions, a thin 

layer of aragonite (2 µm thick) was removed by fine polishing. Because of the re-polishing, a 

small shift in x-y coordinates is possible, but this is insignificant relative to the volume of 

sputtered aragonite (>75 µm
3
 in session-1 and >800 µm

3
 in session-2). 

Ca and REE analyses by SIMS 

Following 
18

O determinations, REE and Ca analyses (session-3) were performed on the top of 

the burn marks from 
18

O measurements. Calcium and REE were measured with a 1-12 nA 

16
O

-
 primary beam at 20-30 µm lateral dimension on the sample surface with a voltage offset 

of -60 V using the energy bandwidth of 50 V (see Gabitov et al. 2012 for details). Positive 

secondary ions corresponding to mass/charge stations of 41.7 (background), 
42

Ca, 
88

Sr, 
139

La, 

143
Nd, 

149
Sm, and 

159
Tb were measured in mono collection mode with electronic multiplier. 
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Rare-earth analyses revealed regions of the crystals representative of specific aragonite growth 

intervals, and thus allowed reconstruction of the evolution of growth over time.  

Results 

Precipitated phase was identified as aragonite because of crystal morphology and measured 

Sr/Ca, which corresponds to those calculated from (Sr/Ca)fluid and partition coefficient between 

aragonite and fluid (Kinsman and Holland 1969; Gaetani and Cohen 2006). Furthermore, 

aragonite was the only phase detected by X-ray diffraction analysis in the analogous 

experiment (Gabitov et al. 2008). 

Isotopic composition of fluids and aragonite via bulk analyses 

Isotopic analyses of aragonite yielded 
18

OVPDB of -13.49 ‰. The composition of the fluid 

(
18

OSMOW) increased during the experiment by 2.24 ‰ (see Table 1 and Discussion). 

However, initial 
18

OSMOW of -10.63 ‰ did not correspond to the onset of aragonite 

crystallization, which started sometime before addition of Sm spike. Therefore, 
18

OSMOW fell 

between -10.63 and -9.07 ‰ at the onset of aragonite nucleation.   

In situ determined growth rates and fractionation factors 

Oxygen isotope fractionation factors were determined for each SIMS analytical spot and are 

presented in the Table 2. Values of α
18

O were determined at 23 spots as profiles through 

aragonite spherulites. The whole range of measured 10
3
·ln(α

18
O) is from 24.37 to 28.49 ‰ 

(Table 2).  The values of α
18

O always decreased from the edges to the centers of individual 

spherulites. SIMS analyses of REE demonstrated that spherulites recorded the REE signals 

corresponding to the introduction of REE into growth medium. Growth rates were determined 

as the length of each zone (x) in each analytical profile divided by the time between REE 

spikes (t) (Appendix-2, Figure S-1). Here, the ion beam burn marks from the 
18

O analyses 
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are shown on the reflected light image. The Sm and La arrows show the locations where REE 

were detected. The distance between Sm and La corresponds to the aragonite layer grown 

between their addition into fluid, which 
18

Ow was calculated as an average between solutions 

collected immediately after additions of Sm and La. Growth rates from “prior Sm” zones were 

estimated from the time between the absence of crystallization and when crystals became 

observable in the flask (addition of Sm spike). 

Oxygen isotope fractionation factors (
18

O) were calculated for each spiked growth layer 

of aragonite as 
18

O = [
18

O/
16

O(t)aragonite]/[
18

O/
16

O(t)fluid], where 
18

O/
16

O(t)aragonite is the data 

from multiple or individual SIMS spots collected in particular REE-spiked zone of the 

aragonite and 
18

O/
16

O(t)fluid is the corresponding fluid isotopic value (Table 3). Uncertainties of 

10
3
ln(

18
O) are expressed as the standard error (s.e.) of the multiple measurements (n) or as 

s.e. of the 12 analytical cycles of the individual spot measurements (n=1) (Figure 3a). The 

value 10
3
ln(

18
O) decreases by 3.26 ‰ (from 28.35 to 25.09 ‰) with increasing aragonite 

growth rate from 0.026 to 1.17 nm/s (Figure 3a). Here, only two data were based on multiple 

SIMS analyses with the number (n) shown on the plot. Remained data were obtained from 

individual SIMS measurements (n=1) where thickness of the aragonite zone precipitated 

between addition of REE spikes was small and similar to the size of the ion beam. The errors 

of V determined from the size of the ion beam divided by the time between REE spiking were 

large and similar to the absolute value of V. In order to estimate statistically significant growth 

rate uncertainties the mean V and 10
3
ln(α

18
O) values were calculated by averaging the adjacent 

data with n=1 (Figure 3b). The groups of averaged data are marked by contours in Figure 3a. 

The datum where V=0.1710 nm/s and 10
3
ln(α

18
O)=27.53 ‰ (n=5) was left unchanged (Figure 
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3b). Averaged 10
3
ln(α

18
O) decrease from 28.14 to 25.65 ‰ with increasing of growth rate 

from 0.0641 to 00.8788 nm/s (Table 3, Figure 3b) 

 

Discussion  

The increase of 
18

Ofluid by 2.24 ‰ is likely due to evaporation of 0.09 volume fraction of 

the fluid (determined by volume change) during experiment. This result is consistent with 

water evaporation experiment in air of Luz et al. (2009). However, evaporation could not cause 

the increase of α
18

O with time (i.e. from center toward the edges of shperulite), because drift in 


18

Ofluid was considered in the calculation of α
18

O.  

With increasing growth rate 10
3
α

18
O decreases toward 10

3
α

18
Oeq(CO3

2-
-fluid) (Table 3, 

Fig. 4). This implies that CO3
2-

 is the major source of 
18

O in aragonite, which is consistent with 

modeling and in situ characterization of the calcite/H2O interface (van Cappellen et al. 1993; 

Stipp 1999; Fenter et al. 2000).  The change of pH in our experiment cannot explain the 

observed α
18

O-V trend during aragonite precipitation (Table 1). The pH in our fluid increased 

from 8.270.09 to 8.620.02 during crystallization, but α
18

O increases, in opposition to the 

trend expected from the studies of Usdowski and Hoefs (1993) and Zeebe (1999, 2007). They 

suggested that increasing pH causes enrichment of CO3
2-

 in the fluid, which decreases the 

value of α
18

O. My data cannot be explained by this mechanism. The present study confirms the 

directions of the 10
3
·lnα

18
O - precipitation rate trend observed in the study of Kim et al. (2006), 

and found a much stronger effect of growth rate on 10
3
·lnα

18
O. Data from present work are 

relevant to natural materials, because the range of growth rates overlaps with extension rates of 

corals and speleothems (Harriott 1998; Watanabe et al. 2003; Brahmi et al. 2010; Li et al. 

2011). In situ determined growth rates of scleractinian coral using calcein labeling are 
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consistent with the slowest rates of synthetic aragonites from present work (Brahmi et al. 2010; 

Gagnon et al. 2012). 

The growth entrapment model (GEM) of Watson and co-workers was used to test the 

experimental data (see Appendix-3). The range of growth rates obtained experimentally 

(0.05<V<0.88 nm/s) is smaller than V range used in GEM simulations (10
-4

<V<30 nm/s) 

(Figure 4). However, the combination of experimental and simulating results suggest the near 

surface region of aragonite is depleted in 
18

O relative to the lattice at equilibrium, i.e. surface 

enrichment factor F is less than unity and equal to 0.994605. Obtained α
18

O are consistent with 

GEM simulations, which implies fast diffusivity of oxygen (0.2 nm
2
/s) in the near-surface 

layer of aragonite. Two different values of Ds used in previous works (0.01 and 0.06 nm
2
/s) 

were applied in simulations for comparison. GEM simulations results suggest equilibrium 

fractionation occurs at the growth rates slower than 0.01 nm/s, where no growth entrapment 

occurs. The 100% entrapment happens at high growth rates (V>10 nm/s), where 

10
3
·lnα

18
O=10

3
lnα

18
O(CO3

2-
-fluid)=23.71 ‰, which is ~5 ‰ lower than suggested equilibrium 

10
3
lnα

18
O=29.12 ‰ (Kim et al. 2006). Therefore, extreme growth rates (V<0.01 and V>10 

nm/s) result in an apparent temperature offset of ~23°C, confirming growth rate effects should 

be considered in evaluation of oxygen isotope temperatures derived from naturally occurring 

aragonite. The 10
3
lnα

18
O data range of slowly grown corallite sponges (0.0047-0.12 nm/s) 

overlaps with those from slow growth experiment of Kim et al. (2006) at 25°C and GEM data, 

i.e. 29.08-29.34 ‰ compared to 29.12 ‰ (Böhm et al. 2000; Rosenheim et al. 2009). Contrary, 

high 10
3
lnα

18
O values (29.71-29.88) in fast grown fish otoliths (2.3-5.8 nm/s) were published 

by Thorrold et al. (1997) and do not confirm GEM and experimental data, indicating the 

potential of biologically controlled aragonite growth. This direct comparison of growth rates is 
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an approximation due to biologically induced episodic growth of bio-aragonite. Terrestrial 

inorganically precipitated carbonate deposits show partial consistency with experimental data 

as well as marine samples. Data from very slowly precipitated cave calcite (V<10
-4

 nm/s) 

support the enrichment of 
18

O in calcite (10
3
lnα

18
O =29.80) grown at conditions close to 

equilibrium (Coplen 2007; Dietzel et al. 2009; Gabitov et al. 2012). However, the high 

10
3
lnα

18
O (29.91) of rapidly precipitated travertines at 24.2°C reported by Deák et al. (2011) 

are not consistent with experimentally derived α
18

O-V relationship of present study. Therefore, 

the effect of depositional rate on oxygen isotopic composition of travertines should be 

examined separately. A more complex precipitation might be due to pressure release at the 

vents or capture of isotopically non-equilibrated CO3
2-

 at growth rates much faster than 

achieved experimentally.  

In order to compare α
18

Oaragonite-V with α
18

Ocalcite-V all of these data are combined in Figure 

4. GEM simulations are shown for aragonite data only. Calcite data complement the slow 

growth rate region on this plot. Here, aragonite and simulating data at Ds=0.2 nm
2
/s are in 

between 10
3
·lnα

18
O calcite-V trends evaluated by Dietzel et al. (2009) and Gabitov et al. (2012). 

The Ds value 0.06 nm
2
/s previously reported by Tang et al. (2008a,b) partially fits the data of 

Dietzel et al. (2009). The growth rates in Gabitov et al. (2012) were evaluated in situ from REE 

spikes as well but with larger dataset due to a large size of calcite crystals. The growth rates in 

nm/s for the data of Dietzel et al. (2009) were calculated from their reported bulk precipitation 

rates (µmol/m
2
/s) using the molar volume of calcite (36.99 cm

3
/mol). This conversion assumes 

growth of a single crystal, not a collection of small crystals (up to 5 μm in size) such as those 

described by Dietzel et al. (2009). Their recalculated V could be underestimated for this 

reason. The absence of the error bars in their data on bulk precipitates corresponds to the 
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unresolved intra-crystalline variability with gas-source mass spectrometry. The observed 

difference in 
18

O fractionation between calcite and aragonite does not support the previously 

reported analytical and calculated data on biogenic and inorganically grown CaCO3 where 

α
18

Ocalcite-fluid is lower than α
18

Oaragonite-fluid by 0.4-1.4 ‰ (Tarutani et al. 1969; O’Neil et al., 

1969; Grossman and Ku 1986; Patterson et al. 1993; Kim and O’Neil, 1997; Thorrold et al. 

1997; White el al. 1999; and Böhm et al. 2000; Kim et al., 2007). Obtained data are more 

relevant to calculations of Zheng (1999) and natural observations of Epstein et al. (1953), 

Behrens and Land (1972), and  Horibe and Oba (1972) showing 
18

O enrichment in calcite 

relative to aragonite by ~1.5 ‰ when 0.06<V<0.3 nm/s (this study and Gabitov et al. 2012). 

The presence of smaller correlation of 10
3
·lnα

18
O with V in calcite relative to aragonite is 

likely because the study of Gabitov et al. (2012) did not capture the full range of possible 

α
18

Ocalcite values, from complete equilibrium to 100% growth entrapment. The assumed 

equilibrium value of α
18

Oaragonite (Kim et al. 2006) used in the simulations overlaps with the 

α
18

Ocalcite for slowest grown calcites from the experiments of both Dietzel et al. (2009) and 

Gabitov et al. (2012) within standard error at 1 level. For this reason, the present results 

probably cannot be used for evaluating difference between equilibrium values of α
18

Oaragonite 

and α
18

Ocalcite. However, growth rate dependence of α
18

Oaragonite was clearly demonstrated in 

this study, and the new data provide the first evidence from in situ analyses that high growth 

rate of individual spherulites causes depletion of 
18

O in the aragonite lattice and α
18

O 

approaches the value of α
18

Oeq(CO3
2-

-fluid). 
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Appendix-1. SIMS IMF for standards and sample 
Natural clear-beige aragonite crystal (BB-Ar) from Belice, Bohemia and calcites (NBS-18, 

NBS-19, and MEX) were analyzed to determine SIMS instrumental mass fractionation 

[IMF=10
3
ln(

18
O/

16
OSIMS)/(

 18
O/

16
Oreference)]. IMF values for calcite standards (IMFcalcite) were 

consistent to each other within analytical uncertainty, but lower than IMF of aragonite (IMFBB-

Ar), i.e. IMFBB-Ar-IMFcalcite=2.1 and 0.8 ‰ in the analytical sessions 1 and 2 respectively. IMF 

of synthetic aragonite sample (IMFsample) was significantly lower than those for aragonite 

standard, i.e. IMFBB-Ar-IMFsample=6 and 4 ‰ in the sessions 1 and 2 respectively. The reason 

for this phenomenon is probably the polycrystalline nature of aragonite spherulites, which 

yields the different ionization efficiency relative to monocrystalline standards. Therefore, 

internal standardization was applied for quantifying SIMS data, i.e. the data from the single 

SIMS spots were normalized to the mean value of all SIMS data collected in the particular 

spherulite and multiplied to the sample 
18

O/
16

O obtained with GS mass spectrometry. 

 
Appendix-2. Evaluation of aragonite growth rate 

The example of transmitted light microscopy image shows locations of three SIMS 
18

O 

analyses collected in the center and at the edges of aragonite spherulite (Figure S-1-A). The 

locations of those spots were determined from the beam burn marks in the reflected light image 

of the same spherulite (Figure S-1 B). Locations of REE spot analyses are presented as well. 

The evaluation of growth rate is illustrated as the schematic on the (Figure S-1-C). Here the 

observed REE pattern yielded only one V value that corresponds to the 
18

O analytical spot 

collected at the left edge of spherulite. The appearance of REE corresponds to the sequence of 

its addition into fluid; i.e., starting with Sm and following by La in this example. REE spot-1 

(dashed oval marker) contains the highest REE/
42

Ca ratios. Spot-2 has similar 
149

Sm/
42

Ca, but 

lower 
139

La/
42

Ca, 
143

Nd/
42

Ca, and 
159

Tb/
42

Ca than REE spot-1 by the factors of 2.6, 47, and 65 

respectively. Therefore, spot-2 grew after addition of Sm into fluid. However, La was 

introduced during the growth of aragonite layer covered by spot-2, i.e. the thickness of La 

contained layer is 1:2.6 of the spot-2 size (Figure S-1-C). Here the growth rate is equal to the 

ratio of the distance x and time interval between addition of Sm and La. The REE/
42

Ca data 

are presented in the supplemental Table (S-1). 

 

Appendix 3. Parameters for the growth entrapment model  
The simulations were conducted with the new version of the GEM code (GEM2) running with 

Quick Basic program (QB64). The description of the model is presented by Watson (2004), 

where he considered concentration of 
18

O changes as the function of the distance from the 

surface of the crystal: 
)/exp(1818 )( lx

eq FOxO          (A1.1) 
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where )(18 xO  is the concentration of 
18

O in the crystal at some distance x from the surface, 

eqO18
 is the concentration reflecting fractionation equilibrium between the growth medium and 

the bulk crystal, F  is the surface enrichment factor and l (0.5 nm) is the half-thickness of the 

enriched surface layer. The value of F was set to 0.994605, which is the ratio of eq(CO3
2-

-

fluid)=1.023993 to eq(aragonite-fluid)=1.029548, reported in Kim et al. (2006). Mg/Ca of the 

fluid in their work was set to 4 mol/mol in comparison to our initial fluid value Mg/Ca 5 

mol/mol.  

The diffusivity of oxygen in the aragonite lattice (Dl) was extrapolated from the high 

temperature calcite data of Farver (1994) as ~3.410
-21

 nm
2
/s. The diffusion in lattice is very 

slow and can not compete with those in the near surface layer of aragonite. Changing the 

lattice diffusion coefficient (Dl) by an order of magnitude does not visually affect the GEM fit 

and will not reasonably affect the resulting F and Ds values taking into account uncertainties in 

V and  1000ln(α
18

O). The parameters of Ds and distance multiplier (m) were optimized for 

obtaining the best fit of 10
3
·lnα

18
O experimental data, i.e. Ds=0.2 nm

2
/s and m=∞. The 

meaning of infinite m is the diffusivity is independent of depth in the crystal (and equal to Ds) 

over a distance much greater than the thickness of the compositionally distinct near-surface 

layer. For comparison of GEM parameters that were used in this study and other works please 

see Table A-2. The range of obtained Ds values unlikely could be used to evaluate diffusivity 

difference between O, Ca, Mg, and Sr in aragonite and calcite. It’s probably related to 

experimental designs, i.e. how the growth rates were evaluated. 
 

Table A-2. Parameters used in GEM calculations for the data from this study and other works 

at 22 and 25°C. 
 
element 
or  
isotope 

phase Keq or 

eq 

 

F
 

Dl 
(nm

2
/s) 

Ds 
(nm

2
/s) 

l 
(nm) 

m growth rate 
determination 

Reference 
 

18
O* aragonite 1.029548 0.994605 ~10

-21
 0.2 0.5 ∞ spikes (nm/s) This work 

Mg aragonite 1.910
-5

 53 0 0.01 0.5 ∞ spikes (nm/s) Gabitov et al. (2008) 
44

Ca calcite 1 0.99825 ~10
-18

 0.06 0.5 8 mean surf. area 
(µmol/m

2
/h) 

Tang et al. (2008a) 

Sr calcite 0.02 12.5 ~10
-18

 0.06 0.5 8 mean surf. area 
(µmol/m

2
/h) 

Tang et al. (2008b) 

Sr 
#
 calcite 0.02 10 ~10

-18
 0.01 0.5  const. surf. area 

(nmol/mg/min) 
Stoll et al. (2002) 

 

(*) - eq(aragonite-fluid) and eq(CO3
2-

-fluid)  from Kim et al. (2006) 
(
#
) - Fitting experimental data of Lorens (1981) and Tesoriero and Pankow (1996) 

spikes = addition of REE spikes to evaluate mineral growth rates; 
mean surf. area = mean specific surface area was used in calculation of precipitation rates due to the significant  
change of the surface area during calcite growth; 
const. surf. area = specific surface area does not change significantly during calcite growth. 
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Figure Captions 
 

Figure 1.  a) pH values (NBS scale) recorded during whole experiment (A) and during aragonite 
crystallization (B). 
  

Figure 2.  Reflected (A) and transmitted (B) light images of aragonite spherulites. A) Burn marks are 

from oxygen isotope analyses with 20-30 m beam (session-3), REE labels and arrows indicate where 
REE spikes were detected in session-2.  
 

Figure 3.  10
3
·ln(α

18
O) versus aragonite growth rate. 10

3
·ln(α

18
O) error bars are internal (n=1) or 

external (n>1) standard error at 1 level. a) Here the data are without estimation of V error; contours 
mark adjacent data points, which are averaged on Figure 3b. b) V error bars of these averaged data 
were calculated as 1 s.e. of the multiple measurements presented on Figure 3a. 
 
Figure 4.  Comparison with literature data for calcite. The same data as on Figure 3b together with the 
values of 10

3
·ln(α

18
O) between calcite and fluid reported in previous studies. Here calcite precipitated at 

24.60.1°C and pH=8.10.1 (Gabitov et al. 2012) and 25°C and pH=8.3 (Dietzel et al. 2009). Curves 
are GEM simulations at three values of Ds=0.01, 0.06, and 0.2 nm

2
/s. Fractionation factors of aragonite-

fluid and CO3
2-

-fluid are from Kim et al. (2006).  
 
Figure S-1. Evaluation of spherulite growth rate using analytical spot profiles. See Appendix-2 for 
details. 
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Table 1. Composition of the sampled fluids from which  
 aragonite grew. 

 

 
sub-sample 

 
t 
hr 

 
pHNBS 

 

 


18OSMOW 

‰ 

 
Initial -209 5.94 -10.63 
Prior nucleation -26 8.18 n/a 
Sm-spike  0 8.37 -9.07 
La-spike 5 8.36 -9.08 
Nd-spike 32 8.42 n/a 
Tb-spike 129 8.59 -8.93 
Final 215 8.62 -8.39 
 
Initial fluid was not exposed to CO2 atmosphere. 

pH and 
18

OSMOW of the fluid at the onset of crystallization 

were estimated to be 8.270.09 and -9.850.78 ‰. 
t is the time of crystallization from the addition of Sm spike. 
Initial time was estimated as 209 hours prior Sm addition by 
visual monitoring of the experimental flask with naked eye 
every 12-24 hours. The onset of aragonite precipitation was 
estimated as 13 hours prior to addition of Sm. 
Sm, La, Nd, and Tb correspond to the fluid sub-sample 
collected immediately after addition of REE.  

Finnigan MAT 251 IRMS 1=0.08 ‰ for 
18

OSMOW. 
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Table 2. Fractionation factors of 18O/16O  
within aragonite spherulites.  
SIMS profiles within spherulites. 

  
  

L (m) 
 

103·ln(α18O) 
(‰) 
 

s.e. 
 
 

Profile-1 (edge-edge), 10-15 m beam 
10 27.61 0.47 
25 25.55 0.52 
45 24.39 0.44 
62 24.37 0.47 
80 25.65 0.89 

100 26.75 0.38 
   

Profile-2 (edge-center), 10-15 m beam 
20 27.93 0.55 
56 26.20 0.38 
74 25.66 0.51 
91 25.96 0.41 

   

Profile-3 (edge-center), 10-15 m beam 
10 28.49 0.40 
36 25.71 0.65 
51 25.35 0.36 
62 25.12 0.48 

   

Profile-4 (edge-edge), 20-30 m beam 
30 26.19 0.32 
65 25.45 0.54 

100 26.66 0.30 
   

Profile-5 (edge-center), 20-30  m beam 
35 26.51 0.33 
65 25.89 0.85 

100 25.77 0.86 
   

Profile-6 (edge-center), 20-30  m beam 
25 27.20 0.32 
55 25.09 0.34 
85 25.77 0.86 

 
SIMS analyses were performed as profiles 
between the edges of the crystals. For 

example distance L of 25 and 1467 m 
corresponds to the opposite edges of the 
crystal, i.e. start and end of analytical 
profile.  

α18O=(18O/16O)calcite/(
18O/16O)fluid, where 

(18O/16O)fluid=0.0019841. 

s.e.=s.d./n. 

10-15 m ion beam was used in analytical 

session-1; 20-30 m beam – in session-2.  
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 Table 3. Mean fractionation factors of 18O/16O in each REE-spiked zone of aragonite 
spherulites. 

 

 

 

 
REE 

 
Vs.e. (nm/s) 

 
103·ln(α18O) (‰) 

 
s.e. 

 
n 
 

Before data averaging (Figure 3a) 
Nd-Tb 0.0433 27.61 0.47 1 
Sm-Nd 0.1709 27.53 0.52 5 
Sm-Nd 0.0850 28.49 0.40 1 

Prior Sm 0.5880 * 26.21 0.43 7 

Sm-La 1.1690 25.09 0.34 1 
La-Nd 0.2000 26.51 0.33 1 
La-Nd 0.3500 27.20 0.32 1 

     
After data averaging (Figure 3b and 4) 

 0.06410.0209 28.14 0.22 2 

 0.17100.0855 27.53 0.52 5 

 0.27500.0750 26.86 0.34 2 

 0.87880.2908 25.65 0.56 8 
 
REE shows the aragonite zone grew between additions of two REE spikes. For example Nd-Tb means 
that growth rate and fractionation factor presented in this row were determined in the aragonite grown 

between addition of Nd and Tb spikes. The error at 1 level is the standard error of 10
3
·ln(α

18
O) from 

the single or multiple spots in each REE spiked zone.  
n is the number of SIMS analytical spots which yielded n number of 10

3
·ln(α

18
O) values, but not the 

number of V, which is equal to two for the averaged data. 
(*) - Growth rates from “prior Sm” zones were estimated from the time between the absence of 
crystallization and when crystals became observable in the flask (addition of Sm spike). 
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Table S-1. SIMS 18OVPDB, 42Ca and REE intensities and from analytical sessions 2 and 3.  
42Ca and REE were determined on the top of the burn marks from oxygen isotope session-3. 

 
 
L 

139
La/

42
Ca s.e. 

143
Nd/

42
Ca s.e. 

149
Sm/

42
Ca s.e. 

159
Tb/

42
Ca s.e. 

18
OVPDB s.e. 

m  x 1e+5   x 1e+5   x 1e+5   x 1e+5    
 

Profile-4 (edge-edge) 
30 500 8.00 2.18 0.827 161 4.47 0.404 0.280 -13.26 0.32 
65 22.8 2.62 2.88 0.627 16.3 2.57 0.460 0.250 -14.32 0.32 

100 246 5.66 3.30 0.648 166 8.60 0.166 0.166 -12.72 0.29 
Profile-5 (edge-edge) 

35 520 13.8 2.73 0.570 108 5.22 0.402 0.313 -12.87 0.32 
65 9.16 1.12 2.31 0.561 16.8 4.79 0.722 0.393 -14.32 0.32 

100 12.3 1.26 2.03 0.945 22.4 5.24 0.813 0.324 -14.46 0.33 
Profile-6 (edge-edge) 

25 1017 29.5 9.6 1.07 307 11.1 2.46 0.790 -12.19 0.31 
55 7.84 1.00 1.27 0.495 16 1.68 1.19 0.640 -14.32 0.33 
85 12.3 

 
1.26 

 
2.03 

 
0.945 

 
22 

 
5.24 

 
0.813 

 
0.324 

 
-14.46 

 
0.33 
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Highlights 

 

 

> Hemispherical bundles of aragonite crystals were grown from aqueous solution under 

controlled conditions 

> Intraspherulite SIMS analyses revealed core-to-rim changes in 
18

Oaragonite-fluid 

> 
18

Oaragonite-fluid decreases with increasing growth rate  

> 
18

Oaragonite-fluid approaches 
18

Oeq(CO3
2--fluid) at high growth rate 

 

 

 


